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Chapter 3

Dynamics of the Indian Ocean

3.1  Introduction

In Chapter 2, a broad overview of the oceanography of the Indian Ocean was presented in a descriptive sense.  This chapter explains more about the dynamics involved in those currents, gyres and eddies.  The north Indian Ocean, due to the proximity to the equator, where the Coriolis parameter (f) varies rapidly with latitude and vanishes at the equator, can support both fast travelling Kelvin waves and planetary waves.  The presence of seasonally varying monsoon winds provides the mechanisms for generating such low-frequency waves (Shetye et al., 1996).  These planetary waves serve as carriers of energy from one place to another.  They may propagate along the surface (in which case they are described as barotropic waves) or along a region of sharp density gradient within the water column, such as the thermocline (baroclinic waves), which tend to move slower than the surface waves.  The real difference between barotropic and baroclinic is their vertical structure.  Two of the most important types of wave are Kelvin and Rossby waves.  Formulation and physical implication of these waves are well summarised in LeBlond and Mysak (1978), Pedlosky (1979), and Gill (1982). 

The way in which Kelvin and Rossby waves affect the ocean circulation depends on latitude.  At middle and high latitudes, the effect of the change in the wind stress propagates mainly westwards by means of Rossby waves, hence, the western boundaries are more affected than the eastern boundaries in the ocean.  So in the Indian Ocean the western boundary currents such as Somali Current and the EICC are influenced by the Rossby waves.  Whereas in the low latitudes information can travel westwards by Rossby waves or eastwards by Kelvin waves in the equatorial wave guide.

Sections 3.2 and 3.3 explain the forcing mechanisms, governing equations and properties and characteristics of these Kelvin and Rossby waves.  Not only do Kelvin and Rossby waves influence the upper layer dynamics in the Indian Ocean but also wind stress itself has a direct impact on the ocean dynamics and it is also one of the prime factors for generating the equatorial Kelvin waves in the Indian Ocean, this will be explained in Section 3.4.  The sea surface temperature (SST) is also a relevant variable for the study of upper layer ocean dynamics, which will be explained in Section 3.5.  Finally, Section 3.6 summarises the dynamics of the Arabian Sea and Bay of Bengal.

3.2  Kelvin waves

3.2.1  The forcing mechanisms

Kelvin waves are similar to surface wind waves in that the principal maintaining force is gravity.  The necessary condition for propagation of Kelvin waves is that the horizontal pressure gradient force and Coriolis force act in opposite direction.  For example if a parcel of water is moving northwards in the Northern Hemisphere (NH), with a coastal boundary on its right, the Coriolis force acts to reflect the parcel to the right, but beyond a limited extent this is impossible because the coastal boundary is in the way.  Water piles up against the boundary, giving rise to an offshore horizontal pressure gradient force; this keeps the parcel of the water moving parallel to the coast.  As a result the coast may act as wave guides to the perturbations known as Kelvin waves, which can travel as surface (barotropic) waves or baroclinic waves.

A Kelvin wave may be regarded as a coastally trapped wave within a certain distance of the coast, because outside that distance its amplitude decays so as to be hardly discernible.  This distance is known as the Rossby radius of deformation (L) and can be calculated from L=c/f; where f is Coriolis parameter and c is wave speed.  Along the equator Coriolis force (f) is zero, hence the equator also serves as a wave guide.  An equatorial Kelvin wave is two parallel coastal Kelvin waves propagating with the boundary on the right in the NH and left in the SH.  As a result Kelvin waves can only propagate eastwards along the equator.  The surface equatorial Kelvin wave travels very fast at about 200-300 cm/s (Gill, 1982).  Their Rossby radius of deformation can be about 2000 km.  The baroclinic Rossby radius is associated with the normal modes.  The baroclinic mode has an associated Rossby radius: an=cn/|f|, (where n= 1, 2, 3.....).  The typical values of the baroclinic Rossby radius are 10-30 km, with larger values in low latitudes.  The baroclinic Rossby radius is a natural scale in the ocean that is often associated with boundary phenomena, such as boundary currents, fronts, and with eddies. 
3.2.2  Governing equations and Dispersion relation

The Kelvin wave equation can be derived from the horizontal momentum equation and the equation of continuity (e.g. Knauss, 1997; Gill, 1982) as follows:
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Kelvin wave solution found by putting v=0, the above equations (3.1) and (3.3) become:
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The general solution for the above equations:
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where F’ and G’ are functions with properties to be determined and c=(gH)1/2.  The complete Kelvin wave solution is obtained from the above equations.  The barotropic Kelvin wave speed is determined from c=(gH)1/2, where H is the depth of the ocean. 

In a two-layer system, there are two modes of Kelvin wave, external and first baroclinic modes.  The dispersion relation, phase speed, and offshore decay scale of each mode are given by:
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where n=0 (external mode):                h0=H1+H2
           n=1 (first baroclinic mode):



where H1, (1 are the thickness and density of the layer, and H2, (2 the same quantities in the lower layer.

(a) Equatorial Kelvin wave
The equatorial zone acts as a wave guide.  The equatorial Kelvin wave is the same as the coastal Kelvin wave explained by the equations (3.4) and (3.5), but now f=(y and the complete Kelvin wave solution becomes
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The equatorial Kelvin waves propagate eastward without dispersion at the same speed c as in a non rotating fluid.  The dispersion relation between the frequency ( and east-west wave number k is simply:



( = kc







(3.15)

where c is the baroclinic Kelvin wave speed, ( is the frequency of the wave and k is its wave number (zonal wavenumber for the equatorial Kelvin wave).

(b) Coastally trapped Kelvin waves

From equations (3.6) and (3.7) if f is positive (NH), the solution that decays in the positive direction is the one that travels in the positive x direction i.e. 



F’=0  and  G’=e-y/a G(x-ct) 
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The complete Kelvin wave solution, obtained by substituting equation (3.10) in equations (3.6) and (3.7), is:
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where a is the local Rossby radius.

The dispersion relation between ( and k is 
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The solution (3.17) can only be applied to a situation where the -y domain is excluded in the NH (vice versa in SH), i.e. where y=0 is a coast line.  A Kelvin wave may be regarded as being trapped within a certain distance (Rossby radius) of the coast, because outside that distance its amplitude is not discernible.  As f is zero at the equator and maximum at poles, hence Rossby radii decrease from infinity at the equator to minimum at poles.
3.2.3  Propagation characteristics

As explained in Section 3.2.1, the equatorial zone acts as a wave guide, so the equator also serves as a Kelvin wave boundary.  Because the Coriolis force acts cumsole, the Kelvin waves can only travel eastwards in both hemispheres, having maximum amplitude at the equator, and amplitude decreasing exponentially further north or south of the equator.  While the Kelvin wave progress, the maximum amplitude is always on the right (left) in the NH (SH).  In a closed basin (e.g. Bay of Bengal) Kelvin waves travels counterclockwise in the NH and clockwise in the SH.  One of the most interesting aspects of the equatorial Kelvin waves in the Indian Ocean is that on reaching the eastern boundary, some of the energy moves along the coast as two coastal Kelvin waves, one northward and the other southward and in addition reflects as a Rossby wave.

For example in the Pacific, the abrupt change in the wind direction causes a change in the upper ocean, a depression in the thermocline along with a rise in the ocean surface, which propagates eastward along the equator as a Kelvin wave (Philander, 1990).  By this process the Kelvin wave deepens the thermocline in the eastern Pacific and also causes significantly higher sea levels of the order of 5 to 10 cm.  The theoretical phase speed for a free Kelvin wave in the equatorial Pacific is predicted to be between 2.2 and 3 m/s.  Wunsch and Gill (1976) reported that a typical value for an equatorial Kelvin wave is 2.8 m/s and Tapley et al. (1994) using TOPEX/POSEIDON altimeter data reported a Kelvin wave phase speed of 2.6 m/s.  

3.2.4  Kelvin waves in the Indian Ocean

The abrupt change in the wind direction along the equatorial region in the month of April and May causes a change in the upper ocean, depressions in the thermocline along with a rise in the ocean surface, which propagates eastward along the equator as a downwelling Kelvin wave (McCreary et al., 1993).  This downwelling Kelvin wave is mainly triggered by the monsoon winds.  The first mode baroclinic Kelvin wave has a moderate speed of 250 cm/s (McCreary et al., 1993), and takes about 30 days to travel from the western boundary to the eastern boundary (40°-100° E) in the Indian Ocean.  The numerical results showed that the first three baroclinic Kelvin wave speeds are 280 cm/s, 173 cm/s, and 111 cm/s (Gent et al., 1983).

The equatorial Kelvin wave hits the eastern boundary (Sumatra coast) and splits into two coastal Kelvin waves, one northward and the other southward.  The northward Kelvin wave signal propagates along the rim of the Bay of Bengal  and Andaman Sea (Potemra et al., 1991), leading to remotely driven coastal currents and it is also thought that it may radiate long Rossby waves with the same frequency.  These Rossby waves propagate westward leading to currents in the interior and in the western boundary region of the Bay of Bengal (McCreary et al., 1996; Shetye et al., 1996).  The question here is whether Rossby waves are generated along the eastern boundary of the Bay of Bengal by local winds or the equatorial Kelvin waves impinging on the eastern boundary. 

3.3  Rossby waves

3.3.1  The Forcing mechanisms

Rossby waves are the large scale dynamical response of the ocean to wind forcing and buoyancy forcing (heating and cooling) at the eastern boundaries and the ocean interior.  They can also be generated by perturbations along the eastern boundaries associated with  coastal trapped waves originating at low latitudes (White, 1985).  The Rossby waves or planetary waves arise from the need for potential vorticity
  to be conserved.  These waves occur in the zonal currents and airstreams and relative to the flow, only travel westwards.  

3.3.2  Governing equations

The standard theory for freely propagating, linear Rossby waves can be derived from a linearisation of the unforced equations for large-scale, low frequency motion about a state of rest.  This yields a wave equation for the vertical normal modes (LeBlond and Mysak, 1978). The restoring force is the so called “(-effect” of a latitudinal variation of the local vertical component of the Earth’s angular rotation vector.  The curvature of the Earth’s surface is thus essential to the existence of Rossby waves.

The change of the Coriolis parameter with latitude determines the Rossby wave.  The governing equations, and the assumptions that lead to them, continues to be those of equations (3.1) and (3.2) with one significant addition:
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The Coriolis parameter is broken into two terms, a constant value (fo) for the equilibrium latitude of the wave, and the (() term for the perturbation of the Coriolis term for the distance (y) north or south of the equilibrium latitude. 

3.3.3  Wave solution and dispersion relation

A solution of (3.15) and (3.16) exists for extratropical planetary waves of the form:
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where ( is defined from the dispersion relation:
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where phase speed is given by:
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where ( is frequency defined by the Rossby wave dispersion relation, ( is the meridional derivative of f, and k is the east-west wave number, l is the north-south wave number and C is the phase speed.  But the Rossby waves have different baroclinic modes of propagation, based on linear theory (Lighthill, 1969):
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The dispersive baroclinic Rossby wave from the above equation is given by: 

(by neglecting (3)
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The phase speed of the westward propagating Rossby wave is given by:











(3.27)

Which means that the period is a function of wavelength and the shorter the wavelength, the longer the period.  Although the phase velocity always has a westward component, the group velocity and the energy can travel either west or east.  

There are long and short planetary waves.  For short waves, those whose energy is mainly kinetic, the dispersion relation is approximated by:
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Where as the long planetary waves, whose energy is mainly potential, are approximately nondispersive.  The dispersive relation is approximated:
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Near the equator the long planetary waves becomes:
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Barotropic planetary waves in the ocean can be produced by the wind and therefore have north-south scales (l-1) that are typical of wind systems i.e. 1000 km.  This is smaller than the barotropic Rossby radius (which is about 2000 km), hence these barotropic Rossby waves are regarded as the short waves, whose energy is mainly kinetic, and they propagate westward with phase speeds of order of:
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All the baroclinic modes phase speeds are westward, and waves that are long in all directions are nondispersive.  The lowest-order mode (zeroth) is barotropic, its phase speed is rapid, probably unobservable by altimetry (Chelton and Schlax, 1996). 

For example in a two layer model the dispersion relation for the zonally propagating Rossby waves are given by :
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Where (0, (1 represents the frequency of the barotropic and baroclinic modes respectively, k is the wave number in the zonal direction, and r0, r1 represents external and internal radii of deformation respectively and defined as :
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Where g’ is the reduced gravity, H1, H2 are the unperturbed upper and lower layer depths respectively, and H=H1+H2. 

Phase and group velocities are given by:
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For short waves (rnk ( 1) i.e. waves short compared with the Rossby radius, the dispersion relation can be approximated:



(n =-(/k
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and phase and group velocities are given by:



c= -(/k2 
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Hence, these waves are dispersive and energy propagation is eastward.  Barotropic Rossby waves belong to these type of waves as the external Rossby radius is the order of 1000 km.  

For long waves (rnk ( 1), i.e. waves long compared with the Rossby radius, the dispersion relation is approximated in this case by:
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The phase and group velocities are given by:












(3.40)

These waves are non-dispersive and the energy propagation is westwards the same as the phase propagation.  This formula is particularly appropriate for baroclinic waves in the ocean since the internal Rossby radius is small, typically order of 100 km, hence this equation applies to any baroclinic waves with large scale.

3.3.4  Rossby waves westward intensification

A simple physical explanation for the westward intensification can be found by considering the character of Rossby waves (Pedlosky, 1979).  The group velocity of a Rossby wave in x-direction is given by equation (3.33).  Energy with small x-scales

 will be transmitted eastward, while energy with large x-scales 

 will move west.  Thus information from eastern boundary is carried westwards by the longwave, while information from the western boundary is carried eastward by relatively short waves.  The westward intensification can be understood as the concentration, or trapping of small scale energy on the western side of the ocean basin.  A relatively long wave whose energy is rapidly propagating westwards, will be transferred into a relatively short and slowly propagating wave upon reflection from a meridional boundary (Pedlosky, 1979).  The western boundary thus acts as a source of small-scale energy.  The reflected short wave is likely to be damped and trapped at the western boundary when friction is taken into account.  

3.3.5  Propagation characteristics

Unlike the coastal Kelvin waves, Rossby waves move slowly, at typical speeds of a few centimetre per second.  These waves have periods longer than a day and some Rossby waves travel very slowly taking months to years to cross the ocean basin.  For example while Rossby waves take as little as 3 months to travel west across the equatorial Pacific, it could take 10 years to cross Pacific at 30°N or 30°S.  

In contrast the equatorial wave guide in the Indian Ocean responds quickly to changes in the wind direction.  When the winds over the Indian Ocean change from westerlies to north-northeasterlies, the upper ocean can “rearrange itself”, so that the sea surface slopes up to the west instead of the east, in less than a week.  Away from the equatorial wave guide, Rossby waves alone would take up to 5 years to establish such a balance across a basin the size of the Indian Ocean. 

Rossby waves propagate zonally, along the equator, but also along other latitudes.  Another important characteristic of these Rossby waves is, these waves carry energy from the ocean interior to the western boundary region.  The accumulation of the energy in the west leads to an intensification of the currents on the western side of all the oceans.  Rossby waves significantly shorten their wavelengths after reflection from the western edge of the Ocean basin, and lengthen their wavelengths after reflection from the eastern edge.  These waves are abruptly amplified by the major topographic features.

Rossby waves play a critical role in the transient adjustment of ocean circulation to changes in large-scale atmospheric forcing.  Rossby waves also appear to play a fundamental role in redistributing and dispersing large-scale time varying energy in the ocean, with their effects not being confined to the subtropical gyres alone.  However, in the equatorial zone, where their phase speeds are highest, they find themselves in the company of other planetary waves peculiar to that region.  In concert with coastally trapped waves along the eastern boundary of the ocean basin, Rossby waves are a mechanism for transmitting information from the tropical ocean to the middle and higher latitude interior ocean (McCreary et al., 1977).

Rossby waves have been much more difficult to detect in the oceans because of their small sea surface signature (height variation of order of 10 cm or smaller), slow propagation speeds (of order of 10 cm/s or less), and long wavelengths (hundreds to thousand km).  The lowest order (barotropic) is uniform vertically, independent of stratification, and propagates across an entire ocean basin in a period of about a week.  This is too fast to be resolved by an orbiting satellite.  The next higher order (first baroclinic) mode is surface intensified, and depends strongly on stratification, has a velocity profile that changes sign at the depth of the thermocline2 , and propagates much more slowly, requiring months to decades to cross an ocean basin.  The basin crossing time increases with increasing latitude because of the latitudinal variation of phase speed  owing to the (-effect.  As a result the crests and troughs of the Rossby waves initiated simultaneously along the entire eastern boundary of an ocean basin arrive at western boundary much sooner at lower latitudes than at higher latitudes, an effect often referred to as (-refraction.

In most regions of the ocean, it is generally believed that slower, higher order baroclinic Rossby wave modes play a lesser role in large-scale circulation dynamics.  The advent of satellite altimetry (here in this study TOPEX/POSEIDON (T/P) altimetry; explained in Chapter 4) opened a new era for detection of these Rossby waves (Chelton and Schlax, 1996).  The lowest- order mode (zeroth) is barotropic, and almost uniform vertically for a free surface, and is probably unobservable and is not of interest here.  The remaining modes are baroclinic, and have phase speeds of order of a few cm/s.  The phase speeds depend inversely on the square of the Coriolis parameter, and waves take only months to cross an ocean basin in low latitudes and years to decades at higher latitudes.  The vertical structure of these waves becomes progressively more complicated as the mode increases, while the phase speed decreases.

Recently several papers (Le Traon and Minister, 1993; Glazman et al., 1996; and Chelton and Schlax, 1996; Cipollini et al., 1997) have analysed the T/P altimeter data and found clear evidence of westward propagation of longwaves throughout the North Atlantic.  Cipollini et al. (1997) showed westward propagating baroclinic Rossby waves near 34°N in the Northeast Atlantic from T/P SSH and ERS ATSR SST observations, the first three baroclinic Rossby wave speeds being 2.6 cm/s, 1.6 cm/s, and 0.8 cm/s respectively. 

It is very difficult to resolve all the baroclinic modes of Rossby wave propagation at every latitude from satellite altimetry (Cipollini personal communication).  Whereas in the Indian Ocean, it is very difficult to resolve the first baroclinic Rossby wave mode at all latitudes from altimetric observations.  The Rossby wave observations from T/P altimetry in the Indian Ocean are shown in Chapter 6 and Chapter 7. 

3.3.6  Rossby waves in the Indian Ocean

As explained in Section 3.2.3 the coastally trapped Kelvin waves along the rim of the Bay of Bengal may radiate long Rossby waves with same frequency and these Rossby waves propagate westward leading to currents in the interior and in the western boundary region of the Bay of Bengal.  Recent model results (Potemra et al., 1991; Yu et al., 1991; McCreary et al., 1993) showed that the coastally trapped Kelvin waves travel along the rim of the Bay of Bengal and the entire east coast of Sri Lanka and finally reach the west coast of India.  There these coastally trapped Kelvin waves move poleward along the west coast of India and also radiate westward propagating Rossby waves (McCreary et al., 1993), which strongly influence the velocity fields in the eastern part of the Arabian Sea.  A new theory which has evolved from results of numerical experiments (Potemra et al., 1991; McCreary et al., 1993), is that the subsurface reversal of the currents in the eastern Arabian Sea is largely the result of the Rossby waves radiated by Kelvin waves propagating along the west coast of India.  So the numerical experiments raise the possibility that the coastal circulation along the west coast and annual cycle of currents over the Arabian Sea are mainly influenced by the events in the Bay of Bengal. 

The most recent studies (e.g. Shankar et al., 1997) shows that the existence of the Laskhadweep eddy, off the west coast of India, is also a consequence of the westward propagating Rossby waves along the western margin of the Indian subcontinent.  On the other hand this study also states that the annual cycle of the Laskhadweep eddy is the consequence of the semi-annual Kelvin waves of southwest of India; these being to be forced primarily by the alongshore winds in the Bay of Bengal and by the winds in the equatorial Indian Ocean.  Hence the coastal circulation around India cannot be understood without the detection of the low frequency waves generation and propagation. 

3.3.7  New theory on Rossby waves

The standard linear theory of these planetary waves is well known (e.g. Gill, 1982; LeBlond and Mysak, 1978) and holds for an ocean whose background state is at rest, with uniform depth.  The recent results from T/P altimetric observations (Le Traon and Minister, 1993; Cipollini et al., 1997; Glazman et al., 1996) revealed discrepancies between observed and theoretical Rossby wave phase speeds away from the tropics.  These observations show that the linear standard theory is an incomplete description of these recent satellite observations.  Killworth et al. (1997) have shown that the linear theory may be inadequate because: (1) the flow is forced (by wind and/or buoyancy) and is part of the coupled system, so is not free. (2) the ocean has varying bottom, (3) the background state of the ocean is not at rest, and (4) the response is fundamentally nonlinear.

It is observed that by introducing the presence of the baroclinic east-west mean flows, which modify the potential vorticity gradient, the phase speed can be made consistent with the satellite observed phase speeds.  The linear theory was modified (hereafter referred to as P.K new theory) to allow that the background ocean is not in a state of rest, and is perturbed with a baroclinic flow.  In the following chapters the terminology related to the usage of unperturbed means the old standard theory, perturbed means the perturbation has been induced using a baroclinic flow and ubarotropic3 component calculated from the OCCAM (Ocean Circulation and Climate Advanced Modelling) data.

The comparison of the Rossby wave phase speeds obtained from the T/P altimetric observations are directly comparable with the new theory (i.e. perturbed + ubarotropic).  From the model (Killworth et al., 1997) the baroclinic Rossby wave phase speeds (first, second and third modes) at each latitude in the Indian Ocean are retrieved for the different cases unperturbed, perturbed and ubarotropic.  Figure 3.1 shows the comparison of the planetary wave phase speeds from the standard linear theory (unperturbed) and perturbed cases.  The perturbed+ ubarotropic ,phase speeds shows a significant variation in the phase speeds between 8°-12°S.  This may be result of the strong south equatorial current.  The phase speeds decrease monotonically with the increase of the latitude.  The equatorial region (between 5°N-5°S) is avoided in the model results (P.K new theory) because of excessively high values and a equatorial wave theory should be applied. The T/P altimetric observations of the Rossby wave phase speeds with different latitudes are compared with the P.K new theory and shown in Chapter 6.
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Figure 3.1  Rossby wave phase speeds in the Indian Ocean (a) unperturbed and perturbed and (b) perturbed + ubarotropic from P.K new theory.

3.4  Wind forcing 

The reversal of wind direction enforces a drastic change of surface ocean currents in the North Indian Ocean.  The violent winds of tropical cyclones generate very large waves on the sea surface.  These waves travel outwards from the central region and as the cyclone progresses the sea becomes very confused.  As a result of the oceanic adjustment to the seasonal monsoon wind, Kelvin waves are excited in the equatorial waveguide of the Indian Ocean.  Those wind generated Kelvin waves efficiently transmit the wind input  energy to the eastern boundary of the Bay of Bengal, where long Rossby waves further radiate some of the energy to the interior of the Bay, ultimately, this energy also transfers to the Arabian Sea by the way of coastally trapped Kelvin waves (McCreary et al., 1993; Perigaud and Delecluse, 1992).  Some of the studies show that the existence of semi-annual periodicities are due to semi-annual reversals of wind (Gent et al., 1983; Clarke and Liu, 1993).  These studies shows that the semi-annual variability in the wind stress zonal component generated eastward-propagating Kelvin waves and non-dispersive Rossby waves in the subsurface of the North Indian Ocean (Unnikrishnan et al., 1997).

The Indian Ocean is directly affected by the seasonal monsoons, which provide local and remote wind forcing; strong SST anomalies exist in the eastern Indian Ocean this variability is directly influenced by the atmospheric convection, and vice versa; ocean variability is directly influenced by the remote ocean forcing between the Pacific and Indian Oceans via the Indian Ocean throughflow, and it includes the source of the annual westward propagating signals at 10°S (Perigaud and Delecluse, 1992), and also Rossby waves at higher latitudes.

3.4.1  Wind Stress Curl 

When the monsoon winds sweep the North Indian Ocean, the wind stress curl changes its sign seasonally.  This wind stress curl plays a major role in generating the low frequency planetary waves in the North Indian Ocean.  In the Bay of Bengal wind stress curl is thought to generate Rossby waves in the interior (Shetye et al., 1993; 1996), which then propagate westward generating western boundary currents (McCreary  et al., 1996; Shankar et al., 1996).

During March, when the winds off Somali are still southward, the current north of 5°N already reverses northward; this is mainly due to the wind stress curl distribution off Somalia which causes strong onshore flow at that latitude.  Consequently, the surface flow at Somali splits up into a northward and southward branch at 5°N.  While the wind stress curl off Somali starts to decrease, the Southern Gyre (SG) starts propagation northward (Schott, 1983).  When the final SW monsoon onset occurs, defined by strong winds off northern Somalia and strong cyclonic wind stress curl offshore, the GW is generated within two weeks, most likely through the Rossby wave excited by the offshore wind stress curl (Jensen, 1993).

3.4.2  Ekman pumping

Ekman pumping plays a vital role in the regions of upwelling and downwelling.  The coastal temperature changes, along the east African coast and Somali region in SW monsoon season, are mostly due to the classical upwelling caused by the Ekman divergence of the coastal parallel winds.  This Ekman pumping velocity depends on the wind stress curl:
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Where f is the Coriolis parameter , (o is the water density (1026 kg.m-3). 

Shankar et al. (1996) showed that in response to interior Ekman pumping, baroclinic Rossby waves are excited in the interior of the Bay (because the Bay of Bengal is a highly stratified basin); they propagate to the western boundary where they generate a northward coastal current and if the interior circulation is anticyclonic,  vice versa.  On the other hand cyclonic and anticyclonic Ekman pumping off the southern tip of India has also a profound effect on the Lakshadweep eddy (e.g. Bruce et al., 1994) and in the Somali Current generation (Schott, 1983).

3.5  Sea surface temperature

The circulation in the upper layers of the ocean is reflected to some extent by the distribution of water properties at the sea surface.  SST can be an indicator for the circulation features at the surface.  SST patterns in the tropical oceans will lead to reliable forecasting of climate anomalies such as the El Niño phenomenon.  SST can be treated as a quasi-conservative tracer of the fronts, gyres and eddies and upwelling regions.  It is also useful in identifying the western boundary currents (e.g. Legeckis, 1987; Ratna Reddy et al., 1995).

Large scale dynamical features such as large vertical excursions in the equatorial thermocline leads to the surface SST signatures.  By studying these patterns, we can infer information on the propagation speeds and length scale of the equatorial waves.  If the surface density gradient is correlated with the density gradient at depth, then perturbations in the density fields should also be visible in the SST field.  Hence it may be possible to observe propagating baroclinic Rossby waves in the zonal gradient of SST anomaly fields (e.g. Cipollini et al., 1997).  Also from SST small scale phenomenon such as frontal regions, and coastal upwelling can easily discriminated from the SST observations.

SST strongly influences the rate of evaporation into weather systems, and therefore anomalies in SST may have a significant impact on the local development system (for e.g. tropical cyclones).  In particular, SST has a very significant influence on the location of the early development of the tropical cyclones and may affect the subsequent track of the cyclone.  The Bay of Bengal is a region where the higher SSTs are important for the surface current systems and for the formation of the tropical cyclones, in this regard satellite derived timely SST observations are very useful to track the cyclones. 

Recent studies (Murty et al., 1998) indicate that the warm pool lies in the equatorial region in January, persists and strengthens from March through October in the entire Bay of Bengal and retreats to the southern Bay by December.  Identifying the warm pool is important for understanding the mesoscale variability of surface circulation of the Bay of Bengal.  In the NE monsoon, the westward flowing NEC brings warm waters from the southern Bay of Bengal region and forms the western boundary current in the Bay of Bengal.  Earlier studies have identified of this western boundary current from SST images (Legeckis, 1987)

The notable feature of the Arabian Sea circulation is the occurrence of strong upwelling along the Somali coast in the SW monsoon.  Immediately upon the occurrence of strong coastal parallel winds, the coastal temperatures drop drastically.  This coastal upwelling and offshore advection leads to cooling in the surface temperature in the SW monsoon (Warren et al., 1966; McCreary and Kundu, 1989).  With this effect, two cold wedges also form along the Somali coast at 4°N, and 10°N (Bruce, 1980).  It is thought that another reason for the cold temperatures along the east African coast and along the Somali coast is the cold and low salinity waters advected by the SEC.  The cold wedges off Somalia propagate northward and play an important role in the coalescence of the Somali eddy system and stationary western boundary current in the NE monsoon.

3.6  Summary

The linear theory predicts (Lighthill, 1969) that the onset of the Somali Current in spring during April-May is thought to be the result of remote forcing, due to winds over the Arabian Sea turning eastward.  It also predicted the response time of one month for the coastal current to be setup, associated with the reflection of the westward travelling baroclinic Rossby waves along the equator.  When winds in the Arabian Sea begin to blow southwesterly, the Arabian Sea responds quickly, and the Somali Current reflects just north of the equator, with part of a retro-reflected water recirculating south of the equator to form the SG (Bruce, 1973; Swallow et al., 1983).

When the strong SW monsoon occurs (July/August), a strong wind stress curl occurs off northern Somalia.  Schott (1983) suggested that, the GW generates within two weeks, most likely, through Rossby waves excited by the offshore wind stress curl.  This GW moves northward due to the mutual advection (Matsuura and Yamagata, 1982) and coalescence with SG.  The GW collapse late in the SW monsoon may be due to barotropic instability, and possibly other mechanisms, such as eddy-eddy interaction, and eddy-wave interaction (Jensen, 1990).  Unfortunately an adequate observational data base to perform such studies has been lacking.  This study is focuses on the seasonal intrannual variability of the Arabian Sea circulation including the effect of planetary waves on the Somali Current and eddies from the satellite observations (to be explained in Chapter 6). 

Also, as explained in Chapter 2, the EICC is the western boundary current in the Bay of Bengal.  Shetye et al. (1993) showed that the poleward current in the Bay of Bengal in March-April is the western boundary current of a seasonal subtropical gyre which forms in the Bay during January and develops most during March-April and decays by June.  This gyre lies at 10°N in January and decays in spring.  The mechanism its generation is thought to be the coastal Kelvin waves propagating northward along eastern boundary of the Bay exciting the westward propagating Rossby waves into the interior of the Bay.  These waves lead to the formation of the gyre (Potemra et al., 1991).  Shetye et al. (1993) hypothesised that even though the winds are calm during March-April, the EICC appears much stronger.  This may be due to some other mechanism, such as the upwelling favourable alongshore coastal winds in the northeastern corner of the Bay during NE monsoon which can excite Kelvin waves.  After travelling along the northern boundary of the Bay and on reaching the east coast of India in March they generate a poleward current.  Earlier hydrographic observations (Shetye et al., 1993; 1996) showed that this western boundary current is associated with recirculation zone, eddies and waves. 

Recent numerical results by McCreary et al. (1996) show more profoundly the possible driving mechanisms of the EICC:  Ekman pumping in the interior of the Bay of Bengal (e.g. Shetye et al., 1993; Shankar et al., 1996); local alongshore winds adjacent to east coast of India and Sri Lanka (e.g. McCreary et al., 1993; Shankar et al., 1996), remote along shore winds adjacent to northern and eastern boundaries of the Bay (e.g. McCreary et al., 1993), remote forcing from the equator (Yu et al., 1991; Potemra et al., 1991).  There are insufficient observational studies to confirm these model hypotheses.  On the other hand, the seasonal reversal of the upper ocean circulation of the Bay of Bengal is also maintained by the remote forcing (Yu et al., 1991) either by the Rossby waves excited by the remotely forced Kelvin waves, or by seasonal reversing monsoon winds alone.  This study is focused on explaining the seasonal cycle and mechanisms of the EICC  from satellite observations (which will be explained in Chapter 7). 

Finally, though the models suggest that these Rossby waves and Kelvin waves play a pivotal role in the North Indian Ocean circulation, there are no observations, such as direct current measurements, to prove their existence.  The only observational evidence so far is from climatologies, and hydrographic data.  This data at best resolves the seasonal time-scales.  Hence a large part of the variability spectrum remains unexplored.  The aim of this thesis is mainly to explore the possible mechanisms involved in the North Indian Ocean circulation from the satellite observations (explained in Chapter 6 and Chapter 7) and model simulations (explained in Chapter 8) using the real-time wind observations from ERS-1 Scatterometer data.

� Planetary vorticity is the vorticity of a fluid element by virtue of being on a rotating earth, the same as the Coriolis parameter (f).  The rotary motion relative to the earth is known as relative vorticity ((), and vorticity of a fluid parcel relative to a fixed frame is its absolute voriticity (f+().  In the absence of external influences, conservation of angular momentum requires that potential vorticity, (f+()/D, be conserved, where D is the depth of the water parcel.  Whereas in the baroclinic context the depth of the water parcel depends on the layer thickness.





2 The thermocline is the region of strong vertical gradients of temperature and density that separates the cold, dense and nearly homogeneous deep water from the warm and weakly stratified upper water column. 


3 ubarotropic means the depth average flow.
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